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Mid-Pliocene warmth: stronger greenhouse and stronger conveyor 
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Abstract 

Three million years ago, prior to the onset of northern hemisphere glaciation, global mean temperatures may have been as 
much as 3.X warmer than at present. We present evidence, based on the carbon isotopic composition of marine organic matter, 
that atmospheric CO2 levels at this time were on average only about 35% higher than the preindustrial value of 280 ppm. We 
also present carbon isotopic evidence for stronger thermohaline circulation in the Atlantic Ocean during the warmest intervals 
and propose that the North Atlantic “conveyor belt” may act as a positive feedback to global warming by enhancing sea ice 
retreat and decreasing high latitude albedo. Based on our results, it seems unlikely that the mid Pliocene warm period was a 
doubled CO, world. 

1. Introduction 

Global deforestation and the combustion of fossil 

fuels has resulted in a pronounced and rapid increase 

in the concentration of atmospheric CO:! over the last 
150 years. While the preindustrial level (PIL) of CO* 

hovered around 280 ppm for thousands of years, the 
present day level is about 355 ppm ( - 25% increase) 
and is predicted to double sometime in the next century 
(Houghton et al., 1990). Because CO2 is a “green- 
house” gas, a major concern is whether this increase 
will result in global warming (Houghton et al., 1990) 
and, if so, what the magnitude of that warming will be. 

One approach to this problem is to identify times in the 
geologic past with “doubled” COz levels and see how 

climate was different. Of course one would have to be 
certain that other climatic influences, in particular, the 
tectonic positioning of plates and orography (land and 
ice) were properly taken into consideration. Even then, 
a comparison could be misleading since any geologic 

interval of more than a few thousand years would pre- 

sumably reflect an equilibrium state while future warm- 

ing, if any, will reflect a non-equilibrium perturbation 

of the climate system (Crowley, 1990). Unfortunately, 

direct measurements of atmospheric CO, only go back 

about 200,000 years and at no time during this interval 

was the atmospheric level more than 10% above Holo- 

cene levels. 

A second approach to identifying greenhouse “ana- 

logs” in the geologic record is to compare the distri- 

bution of surface temperatures in the past to that 

predicted by 2X CO, general circulation model 

(GCM) experiments. Using this approach Budyko et 

al. (1987) and later Crowley ( 1991) pointed out that 

the magnitude of high latitude warming estimated for 

the mid Pliocene was similar to that observed in 

2 X CO2 GCM runs and, therefore, the middle Pliocene 

might have been a period of significantly higher (2 X ) 

atmospheric CO* levels. However, other investigators 

countered that Pliocene warmth, in particular at high 

0377.8398/96/$15.00 0 1996 Elsevier Science B.V. All rights reserved 
SSDlO377-8398(95)00048-S 



314 h4.E. Raymo et al. /Marine Micropaleontology 27 (1996) 313-326 

latitudes, could be due to greater ocean heat transport 
(e.g. Rind and Chandler, 1991) and that there was no 

need to invoke higher CO2 levels. These ideas stimu- 
lated many detailed investigations of the middle Plio- 

cene (this issue and references therein) in an effort to 
understand the origin of climate warmth (and variabil- 

ity) at this time. In this paper we present an investiga- 

tion of Pliocene ocean-atmosphere COP levels based 
on the #“C of marine organic matter. We also inves- 
tigate the strength of thermohaline circulation in the 
Atlantic using carbon isotope ratios preserved in the 
shells of benthic foraminifera. We find that global 
warming appears to have occurred in association with 

only slightly higher atmospheric CO2 levels. We also 
present evidence suggesting the North Atlantic circu- 

lation “conveyor” was more vigorous during periods 

of maximum warmth. 
The mid-Pliocene, around three million years ago, 

was the most recent extended period in the past signif- 

icantly warmer than today. Arctic sea ice was probably 
substantially reduced (Carter et al., 1986; Repenning 
et al., 1987; Brigham-Grette and Carter, 1992; Cronin 

et al., 1993) ; high-latitude surface air temperatures may 
have been up to 10°C warmer than today (Budyko and 
Izrael, 1987); mid-latitude sea surface temperatures 

(SSTs) were possibly warmer by as much as 34°C 
(Cronin, 1991; Dowsett et al., 1992,1994); and finally, 
sea level is estimated to have been -25 m higher 

(Dowsett and Cronin, 1990) probably due to partial 
deglaciation of East Antarctica (Barrett et al., 1992). 
The two hypotheses offered to explain global warming 
at this time, doubled atmospheric CO, levels and 

increased poleward ocean heat transport, were evalu- 
ated by Dowsett et al. ( 1992) who estimated low-lati- 
tude sea-surface temperatures (SSTs) in the Pliocene; 

a doubling of atmospheric CO, is predicted to cause a 
2-3°C warming of equatorial SSTs while increased 
ocean heat transports would cause low-latitude SSTs 
to warm by only 1°C (Rind and Chandler, 199 1) They 
concluded that tropical SSTs increased only slightly 
and, therefore, that greater ocean heat transport was 

instrumental in increasing high-latitude temperatures. 
Here, two more tests of the above hypotheses are pre- 
sented: ( 1) paleo-pC0, estimates based on the S’“C of 

marine organic matter, and (2) estimates of North 
Atlantic Deep Water (NADW) production based on 
reconstruction of inorganic S13C gradients in the Plio- 

cene ocean, 

2. Paleo-pC0, estimates 

A number of experimental, theoretical, and field 

studies have shown that S13C in marine plankton, 
including suspended and sedimentary particulate 
organic matter (POM) , varies inversely as a function 

Fig. 1. Map of air-sea CO, difference based on results of numerous oceanographic expeditions. Positive values reflect excess partial pressure 

of CO2 in surface waters (in j&m). Site 806 as well as four sites used to reconstruct deep water gradients in SL3C of SC02 are shown (figure 

modified from Broecker and Peng, 1993). 
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Fig. 2. Estimates of late Pleistocene ocean pC0, levels at Site 806 

are based on the following data: (a) SW of G. sacculifer is used to 

constrain surface water L . 6°C c02caqj as per Eqs. 3 and 4 in text; (b) 

mean I~“C,,,~ of sediment at each level where error bars represent 

the standard deviation of replicates from that sample, typically three; 

(c) calculation of l p as per Eq. 2; (d) planktic fiusO stratigraphy 

with isotopic stages identified. 

of ambient CO,,,, concentration, [ CO,(,,] (Mizu- 
tani and Wada, 1982; Arthur et al., 1985; McCabe, 

1985; Popp et al., 1989; Rau et al., 1989, 1991, 1992; 
Jasper and Hayes, 1990; Francois et al., 1993). Surface 

ocean [ COTtaq ,I and pC0, are interrelated via a tem- 

perature and salinity dependent solubility factor, (Y, 

such that ocean pC0, = [CO,(,,,] /a. By measuring 

the 613C of marine organic matter preserved in deep 

sea sediments and using the above relationships, a num- 

ber of studies have attempted to reconstruct ocean 

yC0, levels in the past (Freeman and Hayes, 1992; 
Stott, 1992; Jasper et al., 1994). In particular, many 
low-latitude sediment core 6’“CroM records show a l- 
2%~ decrease across the last glacial-interglacial (G-I) 
transition corresponding to a mean surface ocean&O, 
increase of about 80 patms, as confirmed from ice cores 
(e.g. Rau et al., 1991; Rau, 1994; Muller et al., 1994; 
this paper). Here we apply this proxy technique to the 

problem of Pliocene&O, levels by examining marine 
POM S13C at ODP Site 806 in the western equatorial 
Pacific (O’N, 159”E, 2520 meters below seafloor, 
mbsf) . 

On average, the surface ocean $0, is in thermo- 
dynamic equilibrium with the atmosphere, however, 

areas of air/sea disequilibrium arise when seasonal 
upwelling or productivity results in CO, supersatura- 

tion or undersaturation, respectively (Fig. 1; Tans et 

al., 1990; Pedersen et al., 1991; Inoue and Sugimura, 

1992; Rau et al., 1992; Takahashi et al., 1993). In 

applying the paleo-pC0, method to the estimation of 
past atmospheric CO, levels, one would ideally like a 

site where SSTs were well-known (so that CO* solu- 

bility, (Y, is well constrained) and where approximate 

equilibrium with the atmosphere was maintained. Site 

806 is not in perfect equilibrium with the atmosphere, 
however, it is located within the “warm pool’ ‘, a region 

of exceptionally stable seasonal and G-I SSTs. This 

region is generally supersaturated by about 20-60 ppm, 
on average, with respect to atmospheric pC0, due to 

weak equatorial upwelling, although values range from 

0 50 loo 150 200 250 

Age (KY~) 

Fig. 3. Estimate of ocean pCOa at Site 806 ( + ) compared to 

the Vostok CO, record ( + ) Shaded area on left axis indicates 

typical range of supersaturation in this region as discussed in text 

while arrow points to recent preindustrial atmospheric CO2 level of 

280 ppm. Superimposed on Vostok CO? record is the 806 record 

with long term secular trend removed and then shifted downward by 

a constant value ( + ) The relatively good correlation between 

these two records suggests that random errors introduced by regres- 

sion of ep versus [ COZfaq) I in the modem ocean are not as large as 

f 65 ppm (or f 2 pmole/kg) , the error bar shown on figure. 
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Table 1 
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ODPIDSDP sample ID Comp. depth (m) Age (kyr) 6’3CpoM (%/oo) C/N 6*3CD,c (%o)= SST,, (“C) w (%o) PC& (Mm) 

I-1,9cm 0.09 
l-1, 19 cm 0.19 
l-1,29 cm 0.28 

1-1, 39 cm 0.38 

l-l, 49 cm 0.47 

l-1,59 cm 0.57 

I-1,69cm 0.66 

l-l, 79 cm 0.75 

l-l, 89 cm 0.85 

l-l, 99 cm 0.94 

l-1, 109 cm 1.04 

1-1,119cm 1.13 

l-l, 129 cm 1.22 

l-1, 139 cm 1.32 

l-l, 148 cm 1.40 
I-2,9cm 1.51 

l-2, 19 cm 1.60 

l-2,29 cm 1.70 

l-2, 39 cm 1.79 

l-2.49 cm 1.88 

l-2.59 cm 1.98 

l-2, 69 cm 2.07 

1-2, 79 cm 2.17 

1-2, 89 cm 2.26 

l-2,99 cm 2.36 

l-2, 109 cm 2.44 

1-2, I19 cm 2.54 

l-2, 129 cm 2.64 

l-2, 139 cm 2.73 

l-2, 146 cm 2.82 

l-3,9 cm 2.92 

1-3, 19 cm 3.01 

l-3,29 cm 3.11 

l-3,39 cm 3.20 

l-3,49 cm 3.30 

I-3.59 cm 3.39 

l-3.69 cm 3.49 

l-3, 79 cm 3.58 

l-3, 89 cm 3.67 

l-3,99 cm 3.77 

l-3, 108 cti? 3.85 

1-3, 114cm 3.91 

1-4.9cm 4.33 

1-4, 19 cm 4.43 

l-4,29 cm 4.52 

1-4, 39 cm 4.62 

1-4,49cm 4.71 

l-4,59 cm 4.80 

8-2,83 cm 65.89 

8-2,93 cm 65.99 

8-3, 133 cm 67.89 

8-4.23 cm 68.29 
8-4.63 cm 68.69 

8-4.93 cm 68.99 

4.0 - 19.2 6.0 1.39 29.5 11.6 309 
6.0 - 19.6 5.9 1.23 29.3 11.9 325 
8.0 - 19.7 5.7 0.90 28.9 11.6 301 
10.0 - 19.9 6.3 1.21 28.5 12.1 334 
18.0 - 19.0 8.1 1.22 27.3 11.1 258 
22.0 - 18.9 7.0 1.21 27.6 11.0 254 
26.0 - 19.2 7.0 1.26 27.6 11.3 275 
30.0 - 19.4 7.0 1.25 27.7 11.6 294 
34.0 - 19.8 7.7 1.21 28.0 11.9 320 
38.0 - 19.9 7.3 1.11 27.8 11.9 319 
43.8 - 19.9 6.9 1.0 28.0 11.9 317 
49.7 - 20.0 6.8 0.95 28.2 12.0 323 
55.5 - 19.8 na 0.83 28.2 11.6 296 
61.4 - 19.8 7.2 1.06 27.6 11.8 306 
66.0 - 19.7 7.3 1.13 27.8 11.8 307 

71.0 - 19.9 6.3 1.48 28.4 12.4 353 

75.5 - 19.7 6.9 1.47 28.6 12.2 342 

80.0 - 20.2 5.9 1.17 29.1 12.5 367 

86.0 - 20.0 6.6 1.38 28.4 12.4 354 

92.0 - 20.4 6.9 1.25 28.7 12.7 376 

98.0 - 20.4 6.8 1.13 28.8 12.6 375 

104.0 - 19.9 5.7 0.70 29.1 11.6 303 

110.0 - 20.3 6.3 0.93 29.0 12.3 353 

116.0 - 20.3 6.7 1.08 29.0 12.4 362 

122.0 - 20.3 7.0 0.74 29.4 12.1 345 

124.0 - 20.7 5.1 0.97 29.1 12.7 383 

130.3 -21.2 6.1 0.64 28.9 12.9 393 

136.0 - 20.2 7.8 0.62 26.9 11.7 296 

141.6 - 19.9 7.6 0.96 27.3 11.7 300 

146.6 - 20.2 na 1.07 27.5 12.2 336 

152.1 - 20.4 7.1 0.89 26.9 12.2 332 

157.1 - 20.2 7.7 0.74 27.3 11.9 313 

162.1 - 20.3 7.5 0.72 27.5 12.0 319 

167.0 - 20.4 7.4 0.76 27.8 12.1 332 

172.0 - 20.2 7.4 0.60 27.7 11.7 303 

177.0 - 20.4 7.8 0.68 27.6 12.0 321 

182.0 - 20.2 7.3 0.65 27.6 11.8 306 

186.6 - 20.2 8.1 0.39 28.0 11.6 294 

191.2 - 20.2 na 0.96 28.3 12.2 339 

195.8 -21.2 7.8 1.16 28.7 13.4 429 

199.9 - 22.9 7.1 0.87 28.6 14.8 529 

202.7 - 20.5 6.0 0.81 28.9 12.3 355 

223.4 - 20.9 6.8 0.80 28.1 12.7 376 

228.0 -20.6 7.2 0.95 27.9 12.5 360 
234.6 - 20.6 6.8 1.05 28.2 12.6 370 

239.5 - 20.6 7.1 0.83 28.2 12.4 354 
244.4 -21.1 5.6 1.02 28.9 13.2 417 

249.3 -21.2 5.3 0.94 28.7 13.2 412 

2909.4 -21.4 6.7 0.79 28.8 13.2 419 

2912.0 -21.1 6.4 1.05 28.8 13.2 415 

2966.2 -21.3 9.4 1.26 29.0 13.6 446 

2977.5 -21.1 7.6 1.14 28.1 13.2 410 

2988.0 -21.1 7.7 0.81 28.6 13.0 396 

2997.4 - 20.8 9.9 1.05 28.0 12.8 380 
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ODPlDSDP sample ID Comp. depth (m) Age (kyr) 613CmM (%o) C/N 613Colc (%o)” SST,,,,,, (“C) 6~ (%c) fC02 (wtrn) 

8-5, 3 cm 

S-5.23 cm 

S-5,43 cm 

8-5, 103 cm 

8-6, 13 cm 

8-6, 103 cm 

8-6, 133 cm 

8-6, 143 cm 

8-7, 13 cm 

S-7,53 cm 

9-1,73cm 

9-1.93 cm 

9-2,53 cm 

9-2.93 cm 

9-3, 14 cm 

9-3, 33 cm 

9-3,93 cm 

9-3, 133 cm 

9-4. 13 cm 

9-4,23 cm 

9-4, 33 cm 

9-4.73 cm 

9-4,93 cm 

9-5, 3 cm 

9-S. 53 cm 

9-6, 33 cm 

9-6,63 cm 

9-7, 13 cm 

69.59 

69.79 

69.99 

70.59 

71.19 

72.09 

72.39 

72.49 

72.69 

73.04 

73.64 

73.81 

74.78 

75.18 

75.89 

76.08 

76.68 

77.08 

77.41 

77.53 

77.66 

78.17 

78.42 

79.19 

79.82 

81.24 

81.54 

82.54 

3014.4 

3020.1 

3025.7 

3042.7 

3059.8 

3085.3 

3093.8 

3096.6 

3102.3 

3112.2 

3129.3 

3134.2 

3161.6 

3173.0 

3192.8 

3198.5 

3215.5 

3226.9 

3236.1 

3239.7 

3243.3 

3257.7 

3264.9 

3286.6 

3304.6 

3344.9 

3353.4 

3381.7 

- 20.5 

- 20.9 

-21.0 

- 20.7 

- 20.4 

-21.3 

-21.0 

-21.0 

-21.2 

-21.1 

-21.1 

-21.3 

-21.0 

-21.0 

-21.1 

- 20.8 

-21.3 

-21.1 

-21.4 

-21.0 

-21.6 

-21.5 

-21.4 

-21.1 

-21.4 

-21.4 

-21.2 

-21.5 

9.4 1.44 

9.6 1.66 

7.6 1.01 

10.0 1.10 

7.9 1.10 

9.1 0.86 

10.9 1.25 

10.2 1.25 

8.7 0.98 

8.8 1.24 

8.7 1.69 

8.3 1.52 

8.3 1.48 

9.5 1.57 

9.4 1.20 

10.8 1.37 

10.8 0.91 

10.2 0.98 

9.5 1.10 

10.1 1.30 

9.9 1.07 

9.7 0.76 

8.7 0.87 

9.8 0.90 

9.6 1.15 

10.6 1.35 

10.7 1.31 

10.1 1.39 

28.7 

27.7 

29.1 

29.5 

29.1 

28.7 

28.7 

28.2 

28.2 

29.1 

29.0 

28.9 

28.9 

28.1 

28.5 

28.5 

27.8 

27.9 

28.4 

28.4 

28.4 

28.7 

28.3 

28.6 

27.9 

28.4 

29.2 

29.1 

13.0 

13.5 

13.1 

12.9 

12.5 

13.2 

13.3 

13.2 

13.2 

13.5 

13.9 

13.9 

13.5 

13.5 

13.3 

13.2 

13.2 

13.1 

13.6 

13.3 

13.7 

13.3 

13.3 

13.1 

13.6 

13.8 

13.6 

14.0 

‘loo 
425 

409 

401 

369 

415 

419 

409 

410 

436 

465 

467 

440 

432 

419 

413 

406 

402 

437 

419 

448 

420 

416 

40s 

433 

457 

350 

47s 

“6°C 
0s values determined from 613C of G. sacculifer minus 0.7%0 [data from Schmidt et al. ( 1993) and unpubl. data of E. Jansen I. Composite 

depths determined from Berger et al. ( 1993) and Jansen et al. (1993). All age estimates are calibrated to time scale of Shackleton et al. ( 1990). 

This sample not included in figures as replicate analyses show consistently negative isotopic values giving anomalously high pC02 estimates. 

slightly undersaturated to oversaturated by + 80 ppm 
during El Nifio climatological extremes (Inoue and 
Sugimura, 1992). We discuss potential biases from 
these factors below. 

At Site 806, a 250 kyr late Pleistocene record was 
generated for comparison with the Vostok ice core CO1 
record (Barnola et al., 1987) and to provide a base line 
against which the Pliocene estimates could be com- 

pared (Fig. 2 and Fig. 3). In the mid Pliocene interval 
between 2.9 and 3.3 Ma (time scale of Shackleton et 

al., 1990, which is approximately equivalent to 2.75- 
3.15 Ma in the time scale of Berggren et al., 1985), 

samples representing both warm and cold climate 

extremes (as inferred from 6180) were analyzed. 
Approximately 100 mg samples of bulk sediment were 
acidified with excess 1 N HCl and rinsed in distilled 
water. After drying, the remaining residue was trans- 
ferred to a’ tin cup for combustion in NA1500 Carlo 

Erba Elemental Analyzer. The evolved CO, gas is car- 
ried in a helium stream to a VG Prism III mass spec- 

trometer where the Sj3C relative to PDB is determined 
(Table 1) . OC yield and C/N ratios are also determined 
for each sample by integration of peak areas for C and 

N. All samples were prepared, acidified, and measured 
in triplicate or quadruplicate at MIT and average stan- 
dard deviation for standards (benzoic acid) and sample 
replicates is f O.lO%o and f 0.18%0 respectively. In 

other words, the 0.18%0 includes variability associated 
with sample prep procedures. 

Assuming that the measured isotopic variations are 
a true reflection of past isotopic variations within the 

plankton communities (see next paragraph), estimates 

ofpast [C%,,l were determined using the following 
equation (Freeman and Hayes, 1992 j : 

[CO2w ] = 1.84( up) - 13.5 (1) 
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where 

eP = a’3CCo*(aq) - Si3Cplant 
I? 

= (( 6 CCoXaq) + lOof)> / 

(~‘3cplanl+ 1000) - l)( 1000) (2) 

This equation is empirically derived from modern 

oceanographic data, and has a [CO,(,,] estimation 

error of about 2 pmole/kg (Rau, 1994), or a global 

ocean pC0, estimation error averaging + 65 ppm but 

ranging from + 46 to + 80 ppm over a temperature 

range of 12-30°C. (Note that much of this modem 
oceanographic data uses indirect or non-contempora- 

neous estimates of [C02(+ ] which may artificially 

increase the error associated with subsequent empirical 
regressions.) In the open ocean environment S13Cplant 

is assumed to be represented by S’3CpoM, and 
613C coz(aq) is determined from planktic foraminifera 
6’“C estimates of dissolved inorganic carbon (DIG), 
corrected for the effects of changing SSTon the COzcaq) 

equilibrium isotopic value using the following equa- 
tions (Jasper et al., 1994) : 

(enl/d+lO~))-l)(lo~) 

where 

(3) 

e&d = - 14.07 

+ (7050/SST) and SST is in Kelvin (4) 

Holocene coretop foraminifera Si3C values were cal- 

ibrated to modern measurements of the S13C of total 

inorganic carbon of surface water at nearby GEOSECS 

station 246 (Kroopnick, 1985). 
Since bulk sedimentary organic matter (OM) is ana- 

lyzed, the presence of isotopically distinct terrestrial 
OM could mask the 613C of the marine OM. Such a 

bias would be sensitive both to the type of terrestrial 
OM input (e.g. C3 or C4 plants) and the amount of 
such contamination. Few quantitative estimates of such 
input to the region studied here have been made, 
although Prahl et al. (1989) estimate 20% aeolian 
derived terrestrial OM at MANOP Site C in the eastern 
equatorial Pacific ( 139”W). By contrast, at a site fur- 
ther to the east ( 134”W), Emerson et al. ( 1987) esti- 
mate that the bulk of the sedimentary OM was of marine 

origin. Site 806 is located far from any direct source of 
terrestrial matter input, on an oceanic plateau, and 
would only be susceptible to long-range aeolian trans- 
port of OM. Although this site is today located in a 

region of prevailing easterly trade winds, modern and 
sedimentologic studies indicate that the major source 
area for dust supplied to this region is Asia. This dust 
is carried by prevailing westerlies to lower latitudes 

where it is entrained by easterly trade winds, eventually 
being deposited in the equatorial regions (Krissek and 

Janecek, 1993). While a secondary local source of aeo- 
lian material may exist near the Ontong-Java Plateau 
(Krissek and Janecek, 1993)) the bulk of aeolian-trans- 
ported material appears to derive from the arid regions 
of central Asia. It seems unlikely that such a source 
region could provide a significant source of OM given 

the sparse vegetative cover typically found in arid 
regions, however, the possibility remains and needs to 

be tested. 
At Site 806, C/N ratios for Pleistocene samples fall 

within a typical marine OM range of - 6-8 (Bor- 
dowskiy, 1965; Fig. 4; Table 1). By contrast, terres- 

trial C/N ratios are typically greater than 20 (Hedges 
and Parker, 1976). Hydrogen index values at Site 806 

are also indicative of marine OM (Stax and Stein, 
1993). Site 806 does show a trend to higher C/N in 
the older Pliocene samples (range from 7 to 11; Fig. 4). 
If this trend was due to more terrestrial OM contami- 

nation in the Pliocene, then the 806 samples would be 
overestimatingpC0, at that time. Detailed dust studies 
have not yet been extended into the Pliocene, however, 

the Pleistocene interval at this site shows a subtle 
increase in dust flux toward the present (L.A. Krissek, 

unpubl. data, pers. commun., 1995) suggesting that if 
terrestrial contamination was occurring it is increasing 
over the Pleistocene, opposite of the trend in the C/N 

ratios. 
The possibility of small amounts of terrestrial OM 

contaminating our samples is a concern. A 10% con- 

tribution of C3 terrestrial organic matter ( N - 27%0) 
would bias the S13C POM value (and subsequent ep) by 
about 0.6%0, changing the [C02(aq)] and pC0, esti- 
mates by about 15% (Eq. 1). Such a bias would pre- 
sumably be greatest at times of greatest aeolian input 
at our sites. Analysis of specific biomarkers may help 
constrain this potential error by identifying whether 
significant terrestrial OM exists in these samples. Like- 
wise, one could measure biomarker 613C values to esti- 



M.E. Raymo et al. /Marine Micropaleontology 27 (19%) 313-326 319 

0 

I....I....L....I 

5 lo 15 20 25 30 3.5 40 65 70 75 80 85 

Model Depth (m) 

Fig. 4. Long term trends in %organic carbon and C/N elemental ratios at Site 806. 

mate the [CO,(,,, ] change from the Pliocene to the 
present. However, unlike for 6’3CpoM data, there 
appears to be no regionally applicable regression rela- 
tion between biomarker up and [ COz(aqj] (e.g. Jasper 
et al., 1994). The fact that E. huxleyi, the primary 
source of the alkenones used in late Pleistocene biom- 
arker studies, did not exist prior to stage 8 ( - 300 kyr 
B.P.; Thierstein et al., 1977) would also need to be 
considered. 

Another uncertainty in our results is that 6’3CpoM 
may be modified from the original surface water pho- 
tosynthate by isotopically selective metabolism and 
diagenesis, either in the water column or in the sedi- 
ment. For instance, the preferential preservation of 
refractory components with distinctive isotopic signa- 
tures could bias S13C POM. At the moment this error 
remains essentially unquantifiable. During diagenesis, 
one might also expect the C/N ratio to increase down- 
core as N-enriched OM components are preferentially 
degraded (e.g. Muller, 1977). At site 806, C/N does 
increase downcore, as pointed out above, while %OM 
decreases; however, the increase in C/N ratios happens 
deeper in the core than the decrease in %OM (Fig. 4). 
This long term trend varies in the opposite sense of the 
late Pleistocene G-I trend where glacial intervals have 
higher %OM and higher C/N ratios. If downcore dia- 
genesis overprints the 806 S13CpoM record then this 

imprint most likely occurs in the first 200,000 years of 
burial. This is the interval over which %OM goes from 
about 0.10 to 0.15 in the last G-I cycle, to a long term 
Plio-Pleistocene average of about 0.04 to 0.08% 
(Fig. 4). Over the last 200 kyr, 6’3CpoM values also 
exhibit a secular trend from about - 2 1 .O%O at depth to 
- 19.0%0 near the core top. Post-burial degradation 
may explain the decrease in %OM and the trend in 
613C POM which is approximately the same direction and 
magnitude as that observed by McArthur et al. ( 1992) 
in turbidites on the Madeira Abyssal Plain. They attrib- 
uted their trend to diagenesis. Note that this would 
imply that isotopically enriched OM is preferentially 
degrading downcore. Another possibility is that pref- 
erential degradation of marine OM over terrestrial 
would lead to decreased S13C POM downcore, however, 
this possibility is not supported by C/N ratios which 
show an increase much deeper in the core (e.g. no 
secular trend over the interval of decreasing %OM). 
Recent studies of OM preservation have focused on the 
role played by mineral surface areas in adsorbing and 
protecting labile OM from degradation (e.g. Mayer, 
1994; Keil et al., 1994). If this mechanism for OM 
preservation is important then it is more likely that a 
representative distribution of POM, rather than only 
the most refractory material, is preserved in deep sea 
sediments. 
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Fig. 5. Ocean pCOp estimates for middle Pliocene interval at Site 
806 (e) based on S’%Z of G. sacculifer (a) and S’3CpoM (b). ep 
shown in (c) with planktic S’s0 record in (d). Note that crosses 
( + ) on this record indicate which samples were analyzed for 
8°C ,‘OM. The error bars are the same as described in Figs. 2 and 3, 
while the dashed line indicates ocean pC02 obtained when SST is 
held constant at modern levels. 

Here we present the Si3CpoM data at face value and 

caution the reader to keep possible biases associated 
with contamination and diagenesis in mind. This source 

of error is not reflected in the error bars in Fig. 3 and 
Fig. 5e which are associated with the regression of 
[CO,(,,] vs. 613CpoM, After estimating [CO,(,,] 

from the isotopic data we determine pCO* by dividing 
[CO,(,,] by the solubility constant, (Y, which is esti- 
mated from SST using the equation of Weiss ( 1974). 

Salinity, a second order influence on solubility, is 
assumed to be 35%0. Past changes in SST were esti- 
mated by scaling the 6”O change between stage 1 and 
2 to the glacial-interglacial change in mean SST esti- 
mated by CLIMAP ( 198 1) . This method assumes that 
the amount of SST change per unit of ice volume 
change has remained constant, however, since seasonal 
SST variability ( - 1°C) and G-I SST variability 

( -2.5”C) is SO small, errors associated with this 

assumption are probably minimal. There is no evidence 
that SST was significantly higher in the middle Plio- 

cene, possibly because cloud cover and/or evaporation 

acts as a buffer in this region preventing temperatures 

from increasing above 30°C (Newell and Hsiung, 

1984). It has been suggested that SSTs at Site 806 

might have been 2-3°C colder at 3.0 Ma (Jansen et al., 

1993) and, if true, would imply that we have under- 

estimated Pliocene CO1 solubilities and thus overesti- 

mated Pliocene pC0, (Fig. 5). A 1.5”C estimation 
error in SST translates to an -25 ppm error in esti- 

mated atmospheric pC0, (this includes the error in 

estimating 6i3Cco2(,,). 

Converting the late Pleistocene S13CpoM data in 

Fig. 2 to ocean pC0, produces a record (Fig. 3, top 

curve) which shows some remarkable similarities to 

the ice core pC0, record. Both records have been 
adjusted to a common SPECMAP chronology (Mar- 

tinson et al., 1987) using the planktic 6i8O record from 
806 and the Si80 of trapped 0, in the Vostok ice core 

(Sowers et al., 1993). The estimated Holocene ocean 

pC02 values at site 806 (between 300 and 340 ppm; 

Fig. 3) fall within the range of moderately supersatu- 

rated values observed in this region today (Keeling, 

1968; Inoue and Sugimura, 1992). In addition, the G- 

I terminations in both 806 and the ice core record are 

of approximately the same magnitude, about 80-100 

ppm. One noticeable difference between the two 

records is the long-term decrease in ocean $0, 

observed at site 806. This trend is driven primarily by 

the increase in 613C PoM values in the top few meters of 
the core and could only be an atmospheric signal if the 

Vostok record increasingly underestimates atmos- 

pheric pC0, levels downcore, a seemingly unlikely 

possibility (cf Wilson and Long, 1993). By contrast, 

if this trend was due to a decrease in upwelling intensity 

in the western equatorial Pacific over the late Pleisto- 

cene then we might expect to see a trend imprinted on 

other paleoceanographic records such as planktic-ben- 

thic 613C gradients and benthic foraminifera accumu- 
lation rates (Herguera, 1994). No obvious secular 
trends are observed in these proxies in nearby core 

ERDC 113P (Herguera, 1994). If this trend is caused 
by preservational or diagenetic processes then the fact 

that the stage 7 pC0, values are approaching those 
observed for the Pliocene (Fig. 5) implies that we have 
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overestimated the long-term decrease in ocean pC0, 

levels over the last three million years. 

More than two dozen horizons were analyzed in the 

middle Pliocene interval between 2.9 and 3.3 Ma 

(Fig. 5) with samples chosen from both positive and 

negative extremes of the planktic al80 record (crosses 

on Fig. 5d). The average ocean pC02 level over this 

interval is 420 ppm which, when corrected for observed 

modern ocean-atmosphere disequilibrium, implies an 

atmospheric CO2 level closer to 380 ppm. The highest 

ocean CO:! levels estimated are about 465 ppm, or 

-425 ppm inferred for the mean global atmosphere. 

With respect to this estimate, can we rule out any long 

term change in upwelling or productivity intensity that 

would bias this result? The relative constancy of plank- 

tic-benthic S13C gradients over the last 3 Ma at Site 

806 (Schmidt et al., 1993; Whitman and Berger, 1993) 

suggests no major change in the dynamics of upwelling 

and productivity in the western equatorial Pacific. 

However, if upwelling were stronger in the late Qua- 

ternary, this would act to minimize the apparent change 
in ocean pC0, over the last 3 Ma by increasing Qua- 

ternary surface water pCOZ. Since the Holocene sam- 

ples fall in the observed range of supersaturation today, 

this would imply that the Pliocene ocean $0, levels 

were closer to equilibrium with atmospheric CO2 levels 

and the percentage drop in atmospheric CO2 since then 

was slightly larger. 

Lastly, it is useful to point out that, based on sensi- 

tivities seen in the modern ocean (Rau et al., 1992; 

Freeman and Hayes, 1992; Francois et al., 1993; Rau, 

1994), about a 4%0 reduction in 613CpoM would be 

expected for a doubling of atmospheric CO, (all else 

constant). We see no evidence for such a large change 

in S”C POM. In the western Pacific, mid Pliocene pC0, 

values appear to be approximately 30% higher than 

Holocene values (Fig. lc and d) when adjusted for 

regional disequilibrium trends and, if the secular trend 

in #3C,M observed near the top of the core is due to 

diagenesis, then Pliocene pC0, levels may have been 

equal to or slightly higher than Holocene levels. The 

results from Site 806 are similar to the trend observed 

in a much smaller data set from the North Atlantic 

(Raymo and Rau, 1992, 1993). Based on these obser- 

vations, it seems unlikely that the Pliocene was a dou- 

bled CO* world. 

3. Thermohaline circulation 

Another mechanism proposed to cause warming at 
high latitudes is to increase the strength of the ther- 

mohaline “conveyor belt” which pulls warm surface 
water northward (Broecker and Denton, 1989; Rind 
and Chandler, 1991). The formation of relatively warm 
deep water in the North Atlantic may also transmit 
warmth to high southern latitudes as it upwells around 
Antarctica (Broecker and Denton, 1989), although this 

effect could be partially or fully offset by northward 
cross-equatorial transport of warm thermocline water 
(Manabe and Stouffer, 1988). Such a change in ocean 

heat transport could result in a net warming of global 
climate (as opposed to a redistribution of heat) if it 

causes a significant reduction in sea ice cover at high 

latitudes and, therefore, a decrease in global albedo. 
In the modern ocean, GEOSECS ( 198 1) measure- 

ments clearly show the path traveled by warm, saline, 
nutrient-depleted (e.g. high S13C) North Atlantic Deep 
Water (NADW) . As it moves out of the North Atlantic 
it becomes progressively cooler, fresher, and more 
nutrient-enriched as it mixes with recirculated Pacific 

Ocean water (POW) and Antarctic Bottom Water 

( AABW; Fig. 6a). Modern oceanographic measure- 
ments from four DSDP/ODP sites located on a transect 

from the North Atlantic to the Pacific clearly show 

mixing between NADW and POW (Fig. 6a) which 
results in an _ 1.3%0 Si3C gradient between these sites. 
Reconstruction of past inorganic S”C gradients by 
measurement of calcitic shells of deep water benthic 
foraminifera allow us to infer the relative strength of 

NADW formation in the past (e.g. Curry et al., 1988; 
Raymo et al., 1990a). Fig. 6b shows a compilation of 

all benthic (Cibicidoides) data from these four sites 

for the interval from N 3.35 to 2.95 Ma. Minimum S”O 

values -0.5%0 lighter than Holocene values 
( m 3.2%0) were caused by significant warming of the 
deep ocean and/or major deglaciation of Antarctica; 
either change is presumably indicative of warmer high 
latitude temperatures. Note that aI80 values heavier 
than present indicate that cool climate extremes (due 
to Milankovitch forcing) were colder than today 

(Raymo, 1994). The primary point emphasized by 
Fig. 6b is that times similar to the Holocene exhibit an 
overall Aflantic-Pacific 613C gradient of - I .3%0 sim- 
ilar to that observed in the modern ocean (Fig. 6a) 
while during warmer periods (more negative 6’“0), 
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all the Atlantic sites show very positive, nutrient- 
depleted 613C values. This implies that NADW flooded 

the deep Atlantic to the exclusion of southern source 
water (Raymo et al., 1992; Hodell and Venz, 1992). 

Conversely, colder periods show a weakening of the 
influence of NADW in the deep Atlantic. 

This result is counter to recent ocean GCM experi- 

ments which predict that NADW production would 

weaken as atmospheric CO2 levels increased (Wash- 

ington and Meehl, 1989; Mikolajewicz et al., 1990; 

Manabe et al., 1991; Cubasch et al., 1992; Nakamura 
et al., 1994). The ocean models attribute the weakening 
of the NADW conveyor in a warmer world to increased 
precipitation in the North Atlantic which enhances 

stratification. However, other factors, including surface 
water exchange with the Arctic, the intensity of the 

Icelandic low or polar high, and/or the salinity of 
imported low latitude surface waters may also influence 
NADW production (Aagaard and Carmack, 1989; 

Raymo et al., 1990b; Willebrand, 1993). Likewise, 
computer models focus on a transient state of global 

warming which may not be strictly comparable to the 
longer interval of climate warmth in the Pliocene where 

deep ocean temperatures have had time to equilibrate 

with the surface. In any case, with respect to ocean 
thermohaline circulation, the Pliocene appears to be a 
period for which the geological record does not match 

the prediction of climate models. 

4. Conclusion 

The POM 6°C data presented above suggest that the 
middle Pliocene was characterized by atmospheric 

pC0, levels approximately 35% higher than PIL and 
only slightly higher than today; average CO? levels 
during the middle Pliocene appear to have been about 
380 ppm when corrected for ocean-atmosphere dis- 
equilibrium. Intervals of peak warmth were up to 45 

ppm higher. Our results (which may be an overestimate 
due to diagenesis) are in general agreement with an 
estimate of early Pliocene $0, based on the density 
of stomata in fossil leaves (Van der Burgh et al., 1993 ) 
as well as with longer Cenozoic trends estimated from 
the deep sea carbonate preservation and 6°C records 
(Shackleton, 1985; Berger and Spitzy, 1988). Avail- 
able data suggest that it is unlikely that the mid-Plio- 
cene had atmospheric PCO:, as high as 560 ppm 

(2 X PIL), but this possibility cannot be conclusively 

ruled out given uncertainties in our method. 
An explanation for the apparently large high latitude 

warming in the face of a relatively minor CO* increase 

may be that stronger thermohaline circulation acts as a 
positive feedback enhancing sea ice retreat and, there- 
fore, increasing albedo. Whether warming associated 
with a modest CO* increase resulted in stronger ther- 
mohaline circulation or stronger thermohaline circula- 

tion (due to some as of yet unknown forcing) caused 

an increase in atmosphericpC02 remains unclear. The 
important observation is that in the geologic record of 

the past three million years both processes act to 
enhance temperatures at high northern latitudes while 
in ocean-atmosphere GCMs the thermohaline con- 
veyor belt appears to act as a negative feedback. 
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