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ABSTRACT

The aim of this study is to determine the mechanism that modulates the initiation of convection within

convergence zones caused by land surface–induced mesoscale flows. An idealized modeling approach linked

quantitatively to observations of vegetation breezes over tropical Benin was used. A large-eddy model was used

with a prescribed land surface describing heterogeneities between crop and forest over which vegetation breezes

have been observed. The total surface fluxes were constant but the Bowen ratio varied with vegetation type. The

heterogeneous land surface created temperature differences consistent with observations, which in turn forced

mesoscale winds and convection at the convergence zones over the crop boundaries. At these convergence

zones optimum conditions for the initiation of convection were found in the afternoon; the equivalent potential

temperature was higher in the convergence zones than over anywhere else in the domain, due to reduced

entrainment, and the mesoscale convergence produced a persistent increase in vertical wind velocities of up to

0.5 m s21 over a 5–10-km region. The relative importance of these two mechanisms depended on the synoptic

conditions. When convective inhibition was weak, the thermodynamic conditions at the convergence zone were

most important, as the triggering of convection was easily accomplished. However, when the thermodynamic

profile inhibited convection, the mesoscale updrafts became essential for triggering in order to break through

the inhibiting barrier. At the same time, subsidence over the forest produced a warm capping layer over the

boundary layer top that suppressed convection over the forest throughout the afternoon.

1. Introduction

Mesoscale variations in land surface type affect the

surface energy budget, via changes in Bowen ratio and

albedo, in turn leading to variations in low-level temper-

atures (Pielke 2001; Betts et al. 2007). One of the impacts

of the temperature gradients that are formed at land sur-

face type boundaries is the initiation of mesoscale flows

analogous to sea breezes (Segal and Arritt 1992).

A wide range of modeling studies have looked at the

impact of land surface–induced flows (e.g., Ookouchi

et al. 1984; Segal et al. 1988; Avissar and Schmidt 1998;

Weaver and Avissar 2001; Roy and Avissar 2002; Weaver

2004b). Earlier studies suggested that synoptic conditions

needed to be weak for such flows to develop (Avissar and

Schmidt 1998). More recently, however, various studies

with more sophisticated land surface schemes and re-

alistic synoptic conditions suggest that stronger synoptic

winds will alter the shape and orientation of such flows,

but not necessarily their strength (Weaver 2004b; Roy

and Avissar 2002). In the case of Roy and Avissar (2002)

and Weaver and Avissar (2001), the model results were

also validated by satellite cloud observations. Large-eddy

simulations have shown similar results, although in these

cases the role of the orientation of the background flow

with respect to the surface heterogeneities, as well as its

strength, was highlighted (Raasch and Harbusch 2001;

Kim et al. 2004; Prabha et al. 2007).

One of the most important impacts of such land surface–

induced flows is on the initiation of convection, as this

can lead to potential feedbacks onto the surface via

radiative effects or the alteration of rainfall patterns.

Some modeling studies have found that when synoptic
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conditions were favorable, winds forced by surface

heterogeneity in soil moisture (Chen and Avissar 1994;

Trier et al. 2004; Weaver 2004a; Frye and Mote 2010),

cloud shading (Marsham et al. 2007a,b), and vegetation

(Wang et al. 2000; Roy and Avissar 2002; Kawase et al.

2008; Roy 2009) led to enhanced shallow, and some-

times even deep, convection at the convergence zones.

These studies highlighted that the vertical motions at the

convergence zones, as well as the vertical fluxes of heat

and moisture, were significant, and sometimes larger

than the turbulent fluxes.

Other studies, however, disagree with the idea that

mesoscale flows can induce significant vertical speeds or

fluxes when compared to their turbulent counterparts—

for example, when comparing domain-average profiles

for homogeneous and heterogeneous land surfaces (Zhong

and Doran 1998; Doran and Zhong 2000; Kang and Davis

2008). In the case of Zhong and Doran (1998) and Doran

and Zhong (2000), this can be attributed to the relatively

coarse resolution used compared to other studies (Weaver

2009; Kang and Davis 2009). Another reason for the ob-

served discrepancies could be due to the fact that domain-

average fluxes do not take into account any spatial

variability that may arise from the mesoscale component

or the asymmetry between narrow updrafts and broader

subsidence. For example, Patton et al. (2005) found in

a large-eddy simulation coupled to a land surface model

that although the total mixing ratio vertical fluxes remain

unchanged between a heterogeneous and homogeneous

land surface, the relative contribution from mesoscale

and turbulent components did vary, presumably as a result

of a change in their spatial distribution. Aircraft observa-

tions have also shown that although vertical transport from

inland breezes is not large, it is significant at the leading

edge of the front (Mahrt et al. 1994). Mesoscale boundary

layer convergence from other sources has been asso-

ciated with the initiation of clouds and storms (Wilson

and Schreiber 1986; Ziegler and Rasmussen 1998) as

storm development is very sensitive to the updraft

strength (Fabry 2006). It is therefore likely that even

strictly local effects caused by land surface–induced

convergence can then extend over a larger area via their

impact on convection.

Observational evidence of land surface–induced flows,

although relatively scarce, has slowly been growing. A

variety of studies, for example, have inferred the presence

of vegetation-induced flows via the presence of persistent

mean cross-boundary winds between crops and native

vegetation (Smith et al. 1994; Doran et al. 1995; Souza

et al. 2000). More significantly, aircraft observations of

such features forced by soil moisture (Taylor et al. 2007;

Kang et al. 2007), albedo anomalies (Marsham et al. 2008),

cloud shading (Marsham et al. 2007a,b), and vegetation

patterns (Garcia-Carreras et al. 2010) now exist. For ex-

ample, in Garcia-Carreras et al. (2010) a wind pattern

persistent over 2 h is observed associated with boundaries

between protected forest and agricultural land in West

Africa. These winds are associated with land surface

patches larger than 4 km and lead to enhanced convection

over the cropland regions. Taylor et al. (2010) also docu-

ment a case of a mesoscale convective system triggered on

a soil-moisture gradient in the Sahel, thus showing how

mesoscale features can affect the larger scales. The link

between land cover and convection has been extensively

corroborated by a variety of satellite climatologies linking

low-level cloud cover and deforested regions (Cutrim et al.

1995; Wang et al. 2000; Roy and Avissar 2002; Wang et al.

2009; Garcia-Carreras et al. 2010) or areas of crop (Brown

and Arnold 1998; Rabin et al. 1990), consistent with initi-

ation of convection caused by land surface–induced flows.

The potential impact of vegetation breezes on cloud-

iness, and thus rainfall, is critical for a proper un-

derstanding of the long-term impacts of deforestation.

While many general circulation models (GCMs) find

that deforestation leads to a significant decrease in

rainfall (McGuffie et al. 1995; Zhang et al. 2001; Werth

and Avissar 2002, among others), the assumed conver-

sion from forest to pasture is often unrealistic (Pielke

et al. 2007) and, perhaps crucially, mesoscale phenom-

ena remain unresolved. Remote sensing observations of

rainfall as well as rain gauge data in Amazonia suggest

a consistent increase in rainfall despite the ongoing de-

forestation, particularly over the deforested regions

(Chu et al. 1994; Chen et al. 2001; Negri et al. 2004). One

potential reason for the discrepancy is the mesoscale

impact, as vegetation breezes could act as a negative

feedback promoting plant growth over the deforested

regions during the dry season (Roy 2009).

The link between land surface–induced breezes and

cloud cover seems to be robust, particularly from the

available satellite and aircraft observations. In these studies

the source of initiation of convection associated with

land surface–induced flows is usually simply attributed

to convergence, but not enough consideration has been

given to what exact mechanisms lead to enhanced con-

vection within the convergence zones, particularly given

the discrepancies in the literature as to whether the ver-

tical velocities caused by mesoscale convergence zones

are significant. To better understand the impact of land

surface–induced flows on cloud cover and rainfall, par-

ticularly in the presence of different dynamic and ther-

modynamic synoptic conditions, the cause of the land

surface–induced organization of cloud initiation must

be better understood. This will be particularly important

for understanding the larger-scale impact of such flows,

as well as for any attempts to parameterize them in GCMs
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unable to resolve such phenomena. This modeling study

attempts to address this issue with the use of a large-eddy

model, using the aircraft path in Garcia-Carreras et al.

(2010) as a test case.

We propose three general mechanisms that could

explain how mesoscale convergence promotes convec-

tive initiation:

d A purely dynamic response due to increased vertical

velocities from the mesoscale convergence, which may

enhance thermals in some areas while suppressing

them in others.
d A thermodynamic response due to moisture conver-

gence from a cool, moist region (lower Bowen ratio) to

a warmer, drier region (higher Bowen ratio). This may

provide greater buoyancy to rising parcels.
d Mesoscale convergence may be of secondary impor-

tance, and the observed organization could simply be

attributed to higher turbulence over warmer regions

leading to a higher frequency of cloud-forming thermals.

In section 2 we describe the modeling setup used, followed

by a description of the impact of the surface heteroge-

neity throughout the domain in section 3. In section 4 a

single land surface boundary is analyzed in more detail to

investigate the cause of the initiation in convection,

looking specifically at thermodynamic and dynamic fea-

tures. The results are then summarized and discussed in

section 5.

2. Large-eddy model setup

Version 2.4 of the Met Office Large Eddy Model

(LEM; Gray et al. 2001), a high-resolution cloud-

resolving model, was used in 2D for the simulations.

The LEM is a nonhydrostatic model, with a Boussinesq

equation set. The incompressible Boussinesq approx-

imation was used in this study, which uses a reference

density that is constant with height. Water vapor and

clouds were explicitly modeled, but with no rainfall or

radiation. The exclusion of these factors allows the

direct impact of the surface flux heterogeneity to be

isolated, without the superposition of cold pools, for

example, complicating the analysis of the results. A

domain of 312.5-km horizontal and 9-km vertical ex-

tent was used, with a horizontal resolution of 250 m

and a varying vertical resolution (14–240 m over 90

levels). A layer damping the prognostic variables to

their horizontal means was applied above 8500 m to

reduce the reflection of gravity waves from the upper

boundary. The time step is updated by the model every

10 time steps in order to maintain numerical stability,

but it varied mostly between 0.1 and 1 s throughout the

simulation.

The test case modeled was chosen to coincide with the

observations from 17 August 2006 of Garcia-Carreras

et al. (2010) in which direct aircraft observations of

vegetation-induced flows are described. The 2D model

is therefore set up to follow the aircraft track from which

the observations were taken. The model was run for

24 h, initialized using vertical profiles of wind velocities,

potential temperature, and specific humidity from the

European Centre for Medium-Range Weather Forecasts

(ECMWF) reanalysis data at 10.1258N, 2.258E from

0000 UTC 17 August 2006. A random perturbation be-

tween 60.1 K and 60.025 g kg21 was added to each point

in order to add a degree of randomness associated with the

real atmosphere, as well as to provide sufficient variability

to allow the development of turbulence. The 6-hourly

ECMWF wind profiles for 17 August were interpolated to

give 3-hourly profiles, and the mean winds in the model

were relaxed (over a 2 h time scale) to these values to

mimic the synoptic conditions observed on that day.

The surface heat fluxes in the model are imposed, and

therefore noninteracting, as is common in this kind of

model. In reality there will be some impact of the meso-

scale winds on the fluxes, which models show to be sig-

nificant for heterogeneities larger than 18 times the PBL

height (Patton et al. 2005), as well as some effect from

cloud shading. The model setup used here, however, is

capable of reproducing cloud patterns and mesoscale

winds consistent with observations, as shown in section 3.

Given the focus of this study is on the initiation of con-

vection, and not small-scale features of the circulation,

prescribed surface fluxes are expected to be sufficient.

The diurnal cycle of sensible and latent heat fluxes was

estimated by taking the average during July and August

2006 of half-hourly surface station data in Nangatchori,

Benin (9.658N, 1.748E). The mean fluxes will be lower

than a clear-day example because of the impact of clouds.

The standard deviation of the mean profile was ap-

proximately half of the total flux and was assumed to be

caused primarily by clouds. We thus increased the mean

fluxes by 50% to filter out the cloud impact and ap-

proximate a mean clear-day profile. The inset in Fig. 1

shows the diurnal cycle of sensible and latent heat fluxes

derived by this method.

The ECMWF data from 17 August were used as de-

scribed above, together with the average diurnal cycle of

surface fluxes applied homogeneously along the domain.

This was used as a control run (CTL). The next run

(HET) used the same background conditions as CTL,

but with horizontally varying surface fluxes approxi-

mating the surface cover observed in Garcia-Carreras

et al. (2010). The total surface fluxes were kept constant

throughout the domain, but the Bowen ratio was varied

to correspond to the land surface type. The percentage
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of forest/shrub cover along the domain was estimated by

using the Globcover land surface product, as in Garcia-

Carreras et al. (2010). These values were normalized so

that the mean was equal to 1, and the Bowen ratio at

each point was adjusted by this value, while keeping the

total fluxes constant (Fig. 1). This means that vegetated

regions had higher latent heat fluxes, as a result of higher

evapotranspiration from the surface, and proportion-

ately lower sensible heat fluxes, which assumes that

the surface albedo is constant. The imposed variations

in sensible heat fluxes lead to a maximum change of

60 W m22 located between 50 and 65 km in Fig. 1. This

variation is consistent or smaller than with other stud-

ies, such as 60 W m22 across a vegetation density gra-

dient in Kansas during the First International Satellite

Land Surface Climatology Project (ISLSCP) Field Ex-

periment (FIFE; Smith et al. 1994) or up to 150 W m22

in the Amazon (Roy and Avissar 2002). The magnitude

of the potential temperature gradients induced by the

heterogeneities was also consistent with aircraft ob-

servations (see section 3).

The conditions used to initialize the model for these

runs was generally favorable for shallow convection, with

little, if any, convective inhibition (CIN). The solid

red and blue lines in Fig. 2 show the domain-mean tem-

perature and dewpoint temperature profiles in HET at

1200 UTC, illustrating the presence of a low CIN envi-

ronment and thus widespread shallow cloud presence.

The domain-mean values of CIN and convective avail-

able potential energy (CAPE) in HET at 1200 UTC were

0.04 and 468 J kg21 computed for a source parcel at

50 m. Another two runs (HICIN and HICINCTL, with

a heterogeneous and homogenous surface respectively)

were also performed to look at whether the role of the

vegetation-induced mesoscale flows was different when

conditions were less favorable to convection. To do this,

the initial potential temperature profile was increased by

3 K in order to create a more stable profile and thus

higher CIN in the domain. The domain-mean values of

CIN and CAPE in HICIN at 1200 UTC were 32 and

76 J kg21, respectively. Figure 2 (dashed lines) shows

how this leads to a more stable profile, with some CIN

present, and thus inhibition of convective activity, so that

clouds appear only from approximately 1600 UTC, when

the PBL has developed sufficiently.

The use of a 2D model in this study will have the

biggest impact for processes where the surface of inter-

action matters, for example for entrainment into cu-

mulus clouds. Because of this, the development of

convection, particularly into deep convection, may not

be well represented (Petch et al. 2008). On the other

hand, domain-mean values of cloud cover, as well as the

vertical velocity variance in the lower troposphere, have

been shown to be less sensitive to the extra dimension

(Khairoutdinov and Randall 2003; Xu et al. 2002). When

using 2D surface heterogeneities the use of a 2D model

FIG. 1. Bowen ratio multiplier from the homogeneous conditions in HET. The vertical dotted

lines show the domain on which section 4 concentrates. The inset shows the sensible (dashed)

and latent (solid) heat fluxes imposed in CTL.

FIG. 2. Tephigram showing the domain-mean temperature (red)

and dewpoint temperature (blue) profiles at 1200 UTC in HET

(solid) and HICIN (dashed). The wind barbs show the domain-

mean winds in HET.
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also compares well with 3D simulations (Avissar and

Liu 1996). We would therefore expect the PBL dynam-

ics and initiation of convection, which are the focus of

this study, to be well represented in 2D.

To better assess the impact of running in 2D as op-

posed to 3D, a single additional run was performed

(HET3D). This run was the same as HET but with the

addition of an extra dimension with a length of 12.5 km.

The surface heterogeneity did not vary along this extra

dimension, so that the only difference with HET is that

the dynamics could develop in 3D. The winds along this

extra dimension (i.e., across the domain in HET) were

reduced from those in the ECMWF analysis as these

were particularly strong and strong winds along vege-

tation boundaries are known to perturb mesoscale flows

(Raasch and Harbusch 2001). A comparison of the cloud

cover in HET3D and HET in section 3 confirms the

suitability of running the model in 2D.

3. Impact of the surface flux heterogeneity
throughout the domain

The heterogeneity in the surface fluxes has a marked

impact on the PBL temperatures and winds on the me-

soscale throughout the domain. Figure 3 shows the Hov-

möller (time–distance) plot of the difference between

HET and CTL at 180 m in the potential temperature

perturbation from the horizontal mean, thus removing

the impact of the diurnal cycle (Fig. 3a) and the hori-

zontal wind velocity (Fig. 3b). The altitude was chosen

as it lies well within the mixed layer and furthermore

coincides approximately with the height of the aircraft

measurements used in Garcia-Carreras et al. (2010).

The mesoscale variability observed in Fig. 3 is due in

its entirety to variations present in HET. The anomaly

is shown, however, to quantify the magnitude of the

variability compared to when surface fluxes are con-

stant.

The imposed surface fluxes have a clear impact on the

mixed layer temperatures, with variations of approxi-

mately 1 K across vegetation boundaries in HET and

very little variability above the kilometer scale in CTL.

The magnitude of the temperature variations is compa-

rable to the observations, where temperature anomalies

of up to 2 K were observed, with anomalies of 1 K still

influencing the winds. This suggests that the magnitude

of the imposed flux variability is consistent with ob-

servations and in any case not set artificially high. The

temperature gradients persist well into the night, with

little variation in their magnitude, and remain fairly

constant with height.

The heterogeneity in the surface fluxes has an impact

on the horizontal wind velocities on the mesoscale (Fig.

3b). There is a mesoscale forcing of the wind analogous

FIG. 3. Hovmöller plots of the difference between HET and CTL at 180-m altitude in (a) ue

perturbation from the horizontal mean, smoothed with a 2-km-width running mean, and (b)

horizontal wind velocity smoothed with a 5-km-width running mean. The grayscale bar shows

the Bowen ratio multiplier (white for crop, black for forest).
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to that found in the aircraft observations, with low-level

divergence over the forest (e.g., at 220 and 70 km) and

convergence over the crop (245, 50, and 120 km). These

winds are analogous to gravity currents, with the cooler

PBL air over the forest flowing toward the warmer

cropland regions. The way the convergence zones move

farther into the crop during the afternoon (e.g., from 55

to 45 km between 1200 and 1600 UTC) is consistent with

this view. Although not as strong as in the low-level

results, there is evidence of a return flow in the cloud

level as well, with the wind pattern inverted at 1500 m

(not shown). The magnitude of the land-induced wind

anomalies (2–4 m s21) is also comparable to that mea-

sured in Garcia-Carreras et al. (2010).

Finally, the presence of these winds organizes cloud

cover throughout the domain from early afternoon (Fig.

4a). Clouds are suppressed over the cool anomalies. This

is apparent, for example, from 230 to 210, 60 to 90, and

130 to 150 km, where the only substantial clouds present

in the afternoon and evening are not locally initiated but

rather advected in from the cropland regions. Although

clouds form over most of the warmer regions, the clouds

over the boundaries between land surface types are

consistently deeper. This suggests that the boundaries,

where the wind convergence occurs, are the preferred

regions for cloud development, although the synoptic

conditions are favorable for shallow cloud initiation ev-

erywhere in the domain (as demonstrated by the wide-

spread presence of shallow cloud in CTL, not shown). The

maximum cloud-top height in HET is also considerably

higher than in CTL (6840 m as opposed to 4680 m), sug-

gesting that the heterogeneity adds an extra impetus to the

convection in some regions, as well as considerably in-

hibiting convection in other areas.

Dynamically, the HICIN run is very similar to HET,

with perturbations in potential temperature and wind

FIG. 4. Hovmöller plots of LWP in (a) HET, (b) HICIN, and (c) HET3D. The grayscale bar

shows the Bowen ratio multiplier (white for crop, black for forest).
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velocities (not shown) comparable to those shown in

Fig. 3. The cloud cover, however, is different because of

the inhibition to convection present. Figure 4b shows the

liquid water path (LWP) for HICIN (note that the con-

tour scale is considerably smaller than that of Fig. 4a).

Cloud-top heights and total liquid water are considerably

lower; however, the cloud distribution remains very sim-

ilar to HET, although the role of the mesoscale conver-

gence zones in deepening clouds only appears later in the

afternoon, from about 1600 UTC. The mean convective

inhibition is at its lowest and the convective available po-

tential energy at a maximum at this time. This is also

when the mesoscale flow is expected to be strongest [as

observed, for example, for U.K. sea breezes by Reible

et al. (1993)].

The potential temperature and wind perturbations

caused by the surface were similar between HET and

HET3D (not shown). Figure 4c shows the liquid water

path in HET3D averaged across a 2.5-km strip along the

middle of the domain. This plot confirms the hypothesis

in section 2. The cloud patterns remain largely unvaried

between HET and HET3D, with regions of enhanced

cloud cover at vegetation boundaries and suppression

over the forest. The subsequent evolution of the con-

vection does vary between the two, with stronger con-

vection in HET3D, reaching cloud-top heights close to

the domain top, although the location of the deepest

clouds is also similar in both runs. A large part of this

difference in convective development can be attributed

to the reduced winds across the domain, as a 2D run that

used the same wind structure as the 3D run also showed

similarly deep convection (not shown). The entrainment

in the model is shear dependent, so the reduced shear in

HET3D leads to deeper convection, although there

might be some impact from the extra dimension as well.

The reason that these reduced winds had to be used in

the 3D simulation is that whereas in 2D the only impact

of the winds across the domain is on entrainment, in 3D

the effect of advection is also significant, with winds along

land surface boundaries (as would be the case here) af-

fecting the mesoscale flows themselves (Raasch and

Harbusch 2001). Regardless of the representation of the

full convective development, these results show that the

processes responsible for both the initiation of convection

and the location of the deepest systems are the same for

the two runs and so a 2D modeling setup is appropriate

for the questions we seek to answer in this study.

Although the distribution of clouds is clearly influ-

enced by the surface heterogeneity from early in the

afternoon, domainwide average properties are relatively

similar until a few hours later. Figure 5 shows the dif-

ferences in cloud cover and liquid water path between

HET and CTL as well as between HICIN and HICINCTL.

The difference in cloud cover between HET and CTL

is insignificant until approximately 1600 UTC, where

slightly higher cloud cover is observed in CTL. From

1900 UTC the trend reverses, and the differences be-

tween HET and CTL start to increase, with more cloud

cover in HET compared to CTL. This is consistent with

the organization of cloud in HET. The suppression of

FIG. 5. Domain-averaged (a),(c) cloud cover and (b),(d) LWP for (a),(b) HET and CTL (solid and dotted lines,

respectively) and (c),(d) HICIN and HICINCTL (solid and dotted lines, respectively) between 1000 and 0000 UTC.
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cloud over the forest slightly reduces the cloud cover in

HET during the day. The presence of persistent sys-

tems, despite the absence of cold pools, then increases

the cloud cover in HET later in the evening. In terms

of liquid water path the differences are much larger,

occurring between 1530 and 1900 UTC, indicating that

even when the cloud cover is lower in HET, the extent

of the cloud development is higher. The HICIN runs

show a similar pattern, although the differences in liquid

water are not as significant.

Looking at the actual distribution of cloud-top heights

gives a clearer picture of the potential impact of the dif-

ferences observed in Fig. 5. Figure 6 shows the probability

density function (PDF) of cloud-top heights for all four

runs between 1400 and 1900 UTC. Both synoptic condi-

tions (HET/CTL and HICIN/HICINCTL) lead to similar

characteristics. The cloud distributions with homoge-

neous and heterogeneous surface fluxes are similar, with

the modal cloud-top height remaining the same (2500 and

1750 m for HET/CTL and HICIN/HICINCTL, respec-

tively). The three peaks in HET are perhaps due to the

presence of three stable layers in the vertical profile, al-

though these are not clearly identifiable in Fig. 2. The

main difference occurs between the highest cloud-top

heights; in HET there are a significant number of clouds

above 4000 m, whereas the number in CTL is negligible.

In HICIN, the difference is smaller, but still apparent.

This difference in higher cloud-top heights becomes more

significant in HICIN if later time periods are selected

(e.g., 1800–2000 UTC). The presence of a few deeper clouds

could have a significant impact on rainfall, particularly if the

difference is enough to push certain events toward glacia-

tion and deep convection (not represented here).

4. Mechanisms that cause the organization
in cloud cover

a. Thermodynamic effects

To understand the mechanisms that lead from land

surface–induced flows to the observed cloud cover

organization in Fig. 4 there are two aspects that need to

be explained: (i) why is the boundary between land

surface types the region most favorable for the initiation

and development of convection, and (ii) why are clouds

so strongly suppressed over the forest where the equiv-

alent potential temperature is generally higher [as ob-

served in Betts and Ball (1995) and Alonge et al. (2007)

over soil-moisture patches]? To answer these questions,

we will be looking more closely at the land surface

boundary found at 60 km, since it is the location of the

largest gradient in surface fluxes.

A change in the thermodynamic properties of the PBL

affects both CAPE and CIN. An increase in equivalent

potential temperature ue in the boundary layer will increase

the CAPE for that air and decrease its CIN. Analysis of

the model fields showed that variations in the source air

from the boundary layer, rather than variations in the

profile, completely dominated variations in CAPE. There-

fore, we use the ue in the boundary layer as a measure of

CAPE. For an adiabatic ascent of a boundary layer parcel

above the lifting condensation level (LCL), neglecting

condensate loading, if the ue of the ascending parcel is

greater than the saturated ue (ues, a function of temper-

ature and pressure only) of the profile, it will be buoyant.

Therefore, as a measure of CIN, we compare ue from the

BL with ues from above the LCL.

Using a similar method to that used in Morcrette et al.

(2007), Fig. 7 shows 2-hourly plots of ue below the LCL

(dotted black line, defined for a parcel originating at

50 m above the ground) and ues above the LCL for HET,

with wind speeds (arrows) and cloud contours (white

lines) overplotted. The ue flux into the PBL can be

shown to be at least approximately constant when the

total surface fluxes are constant, as is the case in this

simulation (Betts and Ball 1995; also separately verified

for this simulation, with a variation less than 2% in ue

variability observed). Despite this, at 1200 UTC a slight

increase in ue over the forest compared to the crop is

observed. Given the constant flux of ue into the PBL at

the surface, the higher ue over the forest must be due to

FIG. 6. Histogram of cloud-top heights for (a) HET (solid) and CTL (dotted) and (b) HICIN (solid) and HICINCTL

(dotted) using data between 1400 and 1900 UTC.
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reduced entrainment of low-ue air into the PBL top over

the forest as opposed to the crop. This is consistent with

the lower PBL height over the forest and the surface ue

flux entering a smaller volume, thus leading to higher ue

over the forested regions. This has also been observed

for land surfaces with varying soil moisture, where a higher

peak in ue over wet soils is observed due to lower PBL

heights (Betts and Ball 1995; Alonge et al. 2007).

As the day progresses the ue peak is advected by the land

surface–induced flow from the forest to the crop, leading to

a low-level ue peak between 50 and 60 km from 1400 UTC

(Fig. 7). This coincides with the region of deepest cloud,

as observed in Fig. 4a. The peak in ue continues to move

over the crop between 1400 and 1800 UTC. The presence

of a maximum in low-level ue at the convergence zones

for the whole domain causes the land surface boundaries,

and more specifically the region at the head of the gravity

currents, to favor convection. The role of physical con-

vergence, which occurs in the same region and may also be

significant, will be explored in the next section.

The reason for the peak in ue at the convergence zone,

as opposed to either the crop or forest, is related to

a reduction in the ue fluxes in the PBL. Figure 8 shows

the variation in time of the vertical ue flux perturbation

from the horizontal mean at 700 m (colors), and the ue

perturbation from the horizontal mean at 200 m (line

contours). The different altitudes represent where the

variability is of most importance. The ue variability

originates at the surface and so is most significant at

low levels, whereas the ue fluxes depend significantly on

FIG. 7. Two-hourly plots of ue (below the LCL, dotted black line) and ues (above the LCL), for HET at (a) 1200, (b)

1400, (c) 1600, and (d) 1800 UTC. A 2-km running mean smoothing has been applied. Arrows denote wind velocities;

white contour lines show the presence of clouds. The vertical black line shows the position of the land surface

boundary, with crop to the left and forest to the right.

FIG. 8. Hovmöller plot of the vertical ue flux perturbation from the horizontal mean at 700 m

(colors), and the ue perturbation from the horizontal mean at 200 m [contours at 1(2)0.1 and

1(2)0.5 K, solid (dashed) lines]. The vertical black line shows the position of the land surface

boundary, with crop to the left and forest to the right.
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entrainment at the top of the boundary layer. The pos-

itive anomaly in ue is collocated with a negative anomaly

in the ue flux, both moving toward the crop during the

afternoon. The reduced flux over the forest is consistent

with reduced entrainment of low-ue air at the PBL top.

As the mesoscale flow develops, high-ue air is trans-

ported toward the crop, where convergence leads to the

high-ue air being more evenly vertically distributed. This

reduction in the vertical ue gradient in turn reduces the

ue flux, thus maintaining high ue at the boundary at low

levels, while it decreases elsewhere.

At the same time (1400–1800 UTC), a region of high-

ues air develops above the forest PBL, thus forming a

strong capping layer that inhibits convection by stabilizing

the PBL below (Fig. 7). This leads to negligible cloud

cover over the forest throughout the afternoon despite

the synoptic conditions favorable to the initiation of shal-

low clouds. The presence of high-ues air over the forest

could be due to advection of warm crop air at the top of

the PBL brought in by the return flow of the mesoscale

circulation or to larger-scale subsidence forced by the

active convection at the land surface boundary. Dif-

ferentiating between the two is important in order to

estimate the spatial extent and speed over which this

suppression occurs.

To further clarify the source of the suppressing layer

over the forest, passive tracers emitted at 1200 UTC at the

surface between 50 and 60 km (i.e., over the crop bound-

ary) were used to explore the trajectories of this PBL air

throughout the afternoon (not shown). The tracers show

that although there is a relatively sharp discontinuity in

the ues values above the forest, this cannot be attributed

purely to the source of the air (i.e., warm air originating

from the crop, with cooler air aloft originating from the

forest), as the tracer crosses this boundary. This suggests

that large-scale subsidence is the source of the warming as

opposed to the origin of the air mass itself.

The magnitude of the expected warming over the forest

due to subsidence can be estimated by using the potential

temperature profile to estimate the temperature of the air

parcel before it subsides. Taking the lower bound of the

mean time-averaged vertical velocity (see section 4b) over

the PBL gives a subsidence rate of 0.1 m s21. This value

is consistent with the observed rate of descent of the tracer.

The potential temperature gradient above the PBL at

70 km at 1500 UTC, which does not vary appreciably with

time, was 4.82 3 1023 K m21. The observed descent

would then produce a heating at the top of the PBL of

approximately 2 K for an hour descent. Comparing the ues

values above the crop and forest in Fig. 7, the difference

between the two is of a few degrees (2–3 K), consistent

with our estimate.

Figure 9 shows the same results as Fig. 7 but for HICIN.

In this case the profile is much more stable, thus inhibiting

the convection in the domain. Similar features appear as

for HET, although delayed, with an increase in ue over the

forest, which is then advected over the crop leading to

a peak in ue over the crop, but close to the boundary. In this

case, however, the initiation of convection is not collocated

with the peak in ue since conditions are too stable. The

clouds that do form, however, do so at the leading edge of

the mesoscale flow, where updrafts caused by physical

convergence are at a maximum. The timing of convection

is also delayed compared to HET, as it is only from about

1600 UTC that the boundary layer growth has reduced the

convective inhibition sufficiently for triggering to occur.

This suggests that in this case moisture convergence has

a lesser impact on why clouds form preferentially over the

FIG. 9. As in Fig. 7, but for HICIN.
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land surface boundaries, whereas physical convergence,

which is explored in the following section, could be the

dominant mechanism.

b. Dynamical effects

To determine whether physical convergence is a ma-

jor contributor to the organization of the initiation of

convection, the significance of the mesoscale vertical

velocity over the total must be ascertained. Figure 10

shows Hovmöller plots of hourly time averages of ver-

tical wind velocity at 700 m, with a 5-km running mean

applied for HET and HICIN. The averaging removes

the impact of turbulent eddies, thus isolating mesoscale

impacts on the updrafts.

In Fig. 10 a persistent updraft can be observed in HET

between 50 and 55 km early in the afternoon (1300–

1400 UTC), moving farther into the crop to 40–50 km

later. HICIN shows a similar pattern. This coincides with

the emergence of deeper systems at the crop boundaries

as opposed to adjacent crop, as observed in Fig. 4. In both

cases the peak in the mesoscale vertical velocity reaches

a maximum of approximately 0.5 m s21. The tempera-

ture gradients move with time, and with them the region

of peak updrafts. Taking into consideration the averaging

(in space and time), as well as the fact that the peak in the

updrafts moves with time, the velocities shown are not

only persistent but are also likely to represent a lower

bound of the mesoscale impact on the vertical velocities.

Although the magnitude of the mesoscale vertical ve-

locity is high, it is nonlinear (narrow updrafts surrounded

by gentler, broader subsidence), and the domain-mean

impact is small.

As well as highlighting the regions of mesoscale con-

vergence, Fig. 10 shows a region of subsidence over the

forest. The fact that the subsidence covers a relatively

large area in both runs is consistent with large-scale

subsidence, as concluded in section 4a. The magnitude

of the descent is on the order of 0.1–0.2 m s21.

In both HET and HICIN the movement of the peak

updraft into the crop follows the temperature gradients

(dashed contour lines). Their relative position, however,

highlights a difference between the two cases. Whereas

in HET the updrafts are located within the minimum

in temperature gradient (e.g., at 53 km, 1400 UTC), in

HICIN the updrafts occur ahead of the temperature

gradient (when oriented along the mesoscale flow di-

rection). This is consistent with Figs. 7 and 9, which

suggest that in HET convection is initiated within the

FIG. 10. Hovmöller plots of hourly time averages of vertical wind velocity in (top) HET and

(bottom) HICIN at 700 m between 30 and 80 km, with a 5-km running mean applied (colors)

and hourly time averages of ue gradient at 700 m [line contours at 1(2)0.03 and 1(2)0.05

K km21, solid (dashed) lines]. The vertical black line denotes the land surface boundary, with

cropland to the left and forest to the right.
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mesoscale flow, where ue is maximum, whereas in HICIN

the initiation of convection occurs at the leading edge

of the mesoscale flow. The resulting difference in cloud

patterns is small, as in both cases there is enhanced

convection in the boundary of the warm anomaly, but it

highlights the difference in the cause of the observed

pattern.

The lines in Fig. 11 show the PDF of vertical velocities

for CTL (Fig. 11, top) and HICINCTL (Fig. 11, bottom)

at an altitude of 700 m. Data between 1400 and 1700 UTC

are used, as it is during these times that the mesoscale

impact is maximized. The shaded contour shows the PDF

of the proportion of updrafts at the same altitude which

initiate convection. A point was assumed to have initiated

convection if it had cloud above and there was a persis-

tent updraft (the vertical velocity had to exceed 0.1 m s21

at that time and 6 min before), in order to remove the

impact of clouds advected in as opposed to initiated

locally.

The distribution of vertical velocities is similar in the

two runs, as the surface forcings are the same in both

cases. There is, however, a difference in the distribution

of vertical velocities associated with the initiation of

convection. In HET (Fig. 11, top) initiation occurs for all

vertical velocities, although there is a preference for

higher velocities. This is due to the lack of CIN in the

profile, suggesting that the updraft strength is not the

limiting factor for the initiation of convection. In Fig. 11,

bottom, however, the cloud distribution is heavily skewed

toward the high vertical velocities, with little initiation

of convection when vertical velocities are below 1 m s21.

In this case convection will only be initiated when suf-

ficient updraft strength exists to overcome the inhibition

present.

With a variable land surface, mesoscale convergence

consistently contributes approximately 0.5 m s21 over

the convergence zones (Fig. 10; the exact distribution of

vertical velocities at the convergence zone is unknown

because of the lack of statistics over such a narrow area).

The maximum vertical velocity over the time period

sampled for the PDF (1400–1700 UTC), however, is

similar, if not higher, over the convergence zone com-

pared to the crop. This implies that the increase in the

mean vertical velocity observed at the convergence zone

must produce more updrafts with velocities greater than

1 m s21, thus causing deeper and more persistent cloud

cover associated with it. These results suggest, as hy-

pothesized at the end of section 4a, that although the

cloud cover pattern is similar in both HET and HICIN,

in HET the major factor in producing this pattern is

moisture convergence, whereas in HICIN it is physical

convergence and lifting. The timing of convection in

both runs is consistent with this conclusion. In HET the

heterogeneity in cloud cover becomes apparent from

1400 UTC, when the mesoscale flows begin to dominate.

In HICIN, convection is delayed until 1600 UTC, as two

conditions must be met: sufficient physical convergence

and lifting (associated with the mesoscale flows, from

1400 UTC) and a sufficiently weak inhibiting barrier,

which is eroded by the growing boundary layer throughout

the afternoon.

A distinction has been made between the impacts of

thermodynamic and dynamic effects on the initiation

of convection, since these are separate effects in terms of

their influences on the potential and kinetic energy of

a developing cumulus cell. However, it is worth pointing

out that the causes of these thermodynamic and dynamic

effects are not purely independent. The thermodynamic

effect described is caused by mesoscale convergence

(i.e., a dynamic effect) in the first place. Therefore,

even if in HET convergence and lifting are not directly

responsible for the observed cloud pattern, it is the

mechanism that allows ue to build up, so that an increase

in the mesoscale circulations will increase the magnitude

of both effects. On the other hand, the reverse is not

true, as an increase in ue does not then feed back directly

into the mesoscale circulation.

Our final hypothesis as to possible mechanisms for the

land–atmosphere coupling was that the higher turbulence

over the crop led to a higher frequency of cloud-forming

FIG. 11. PDF of vertical velocity at an altitude of 700 m for (top)

CTL and (bottom) HICINCTL for all the data (line) and the

proportion of points where moist convection had been recently

initiated (shading; see text for details). Data taken between 1400

and 1700 UTC.
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thermals, as opposed to any impact from the mesoscale

flows. We have seen so far that the mesoscale circula-

tions are able to explain the cloud pattern that is ob-

served. Furthermore, neither the liquid water path nor

the cloud-top height is merely a function of sensible heat

flux, as would occur if turbulence were the dominant

mechanism. For example, the sensible heat fluxes are

approximately the same at 30 and 115 km, but the cloud

cover in the latter is considerably more organized and

intense (Fig. 4a). The presence of a positive peak in the

horizontally and time-averaged vertical velocities in the

regions of cloud formation also suggests that mesoscale

convergence, and not enhanced turbulence, is the cause

of the observed cloud patterns.

It is of interest to look at the impact of the hetero-

geneous surface fluxes on mid-PBL fluxes, a somewhat

contentious issue in the literature as outlined in section 1.

In terms of domain-mean heat and humidity fluxes, the

differences between HET and CTL are overall negligible

when aggregated throughout the afternoon. This, how-

ever, does not diminish the importance of correctly char-

acterizing the land surface. Figure 12 shows a cumulative

plot of the heat fluxes at 500 m as a function of length

scale averaged throughout the domain and between 1400

and 1700 UTC. The fluxes for each length scale were

normalized by the total flux in the run. Figure 12 shows

that although the total fluxes in HET and CTL are ap-

proximately the same, the large majority of this arises

from small scales in CTL, whereas there is a 10%–15%

contribution from mesoscale fluxes in HET, depending

on the cutoff wavelength chosen (4–6 km). This mesoscale

component lies primarily at wavelengths of 60–70 km,

consistent with the size of the heterogeneities.

Figure 13 shows the vertical profiles of the PBL heat

fluxes at three different times, which highlights another

difference between HET and CTL. Although PBL fluxes

are the same between the two runs, the fluxes just above

the PBL differ significantly, with lower downward fluxes

in HET indicating a reduction in the entrainment rates.

This is consistent with the results shown so far as entrain-

ment is lower over the mesoscale updrafts, and elsewhere

the profile is stabilized above the PBL top due to sub-

sidence, again limiting the entrainment. This seems to

lead to a marginally lower mean PBL height in CTL from

1500 UTC. These results are similar to what was found by

Huang and Margulis (2009) for roll convection.

5. Conclusions and discussion

The focus of this study was to determine the exact

mechanism that leads to the initiation of convective cloud

within mesoscale convergence zones over heterogeneous

vegetation. The aircraft track from Garcia-Carreras et al.

(2010) was used as a case study for a 2D simulation using

the Met Office Large Eddy Model. Surface fluxes were

imposed using ground station data from Nangatchori,

Benin, and the heterogeneity was derived using the

land-cover data used in Garcia-Carreras et al. (2010),

increasing the Bowen ratio over crop, and decreasing

it over forest, keeping total surface and therefore ue

fluxes constant. Runs with a homogeneous (CTL) land

surface and heterogeneous (HET) surface were com-

pleted. Another run wherein CIN was increased was

also performed (HICIN), to compare with the low-CIN

conditions found in HET.

The heterogeneous land surface created temperature

differences between cropland and forested areas con-

sistent with observations (approximately 1 K at land

surface boundaries). These gradients then forced me-

soscale winds, organizing cloud cover with enhanced

convection over the crop boundaries and suppression of

convection over the forest, again consistent with aircraft

observations. Although the cloud cover in HET was

more extensive than in HICIN, due to synoptic condi-

tions more favorable to convective development, the

overall cloud pattern was found to be very similar.

FIG. 12. Domain-mean heat fluxes at 500 m averaged between

1400 and 1700 UTC as a function of length scale for HET (solid)

and CTL (dashed).

FIG. 13. Domain-mean heat flux profiles at 1400 (black), 1500 (red),

and 1600 (green) UTC for HET (solid) and CTL (dashed).
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Analysis of the model data shows that the optimum

conditions for the initiation of convection are found on

the warm side of the boundary. Because of lower sen-

sible heat fluxes and thus reduced entrainment at the

PBL top, the PBL ue is initially higher over the forest

as opposed to the crop, although the flux of ue from the

surface into the PBL was constant everywhere. The me-

soscale flow, however, advects and vertically mixes high-ue

air over the crop boundary. The resultant reduced vertical

ue flux at the boundary maintains high ue values at the

convergence zone compared to the adjacent crop and for-

est, thus leading to a domain maximum ue at the conver-

gence zones, which promotes convective development

in this region. Furthermore, physical convergence

forces persistent vertical velocities of up to 0.5 m s21 at

the boundary. Both these mechanisms combine to en-

hance the initiation of convection at the crop bound-

aries. A peak in ue or CAPE has been observed at

mesoscale convergence lines before (Trier et al. 2004;

Wakimoto and Murphey 2010). However, for the first

time we outline in detail how the mesoscale conver-

gence itself can produce the peak in ue. These results

are also consistent with Zhang and Klein (2010), who

attribute the transition from shallow to deep convec-

tion to parcels with the highest moisture values in the

PBL and with enhanced vertical momentum caused by,

for example, mesoscale wind variability in the PBL.

The relative importance of these two mechanisms

depends on the synoptic conditions. In HET, the lack of

CIN means that there is a very small barrier for con-

vection to be initiated, and therefore the peak in ue in the

PBL at the crop boundaries dominates the observed

cloud cover patterns. In HICIN, on the other hand, con-

ditions are particularly stable and thus there is a mini-

mum vertical velocity of approximately 1 m s21 needed to

overcome CIN. In this case, the increase in the updraft

strength caused by the mesoscale convergence is likely to

be the dominant cause of the observed cloud pattern.

The mesoscale flows also lead to descent above the

mixed layer over the forest at an approximate rate of

0.1 m s21. The cause of the subsidence could be a conse-

quence of the developing convection at the crop bound-

aries, descent associated with divergence over the forest

due to the mesoscale flow, or a combination of the two.

The heating associated with the observed descent can be

estimated to be of 2 K in these cases. This layer of warm air

over the forest stabilizes the PBL, suppressing the initia-

tion of convection over the forest throughout the after-

noon and further reducing entrainment (Parker 2002).

Future work will consider the impact on these results

of using a fully coupled land surface model to explore

the effect of potential feedback mechanisms (such as the

effect of cloud shading, which will predominate in the

warmer regions) on the PBL dynamics. Extending

the modeling approach to a full 3D simulation would

also allow a better quantification of the impact of the

surface on cloud properties.

Domain-mean thermodynamic and dynamical prop-

erties do not vary considerably with mesoscale surface

heterogeneities, but the distribution of clouds, cloud-top

heights, and the persistence of such systems do. Further

work is needed to evaluate the impact of such changes

at larger scales, particularly the impact for GCM-type

simulations where mesoscale processes are unresolved.

Other mechanisms by which the mesoscale could affect

larger-scale dynamics also need to be better understood.

Some examples include their influence on large-scale

flows, such as the monsoon, the impact of the moistening

of the middle troposphere by persistent clouds, the di-

rect initiation of deep convective systems, which can

influence the atmosphere and land surface over a large

area downwind, and the impact of mesoscale flows on

propagating mesoscale convective systems. Observa-

tions of the initiation of a mesoscale convective system

via the interaction between a gravity wave propagating

from a remote mature storm and soil-moisture patches

provide one example of the potential interactions be-

tween mesoscale and synoptic processes (Taylor et al.

2010). An evaluation of the impact of the land surface on

rainfall will also be of particular interest, as this provides

the main feedback from the atmosphere to the land

surface, both at the diurnal and seasonal time scales

(Taylor et al. 2003).
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